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2.1 OVERVIEW

This chapter summarizes the origins, thermodynamic structure, and composition of the
atmosphere and ocean.

2.2 THE ATMOSPHERE

The Earth was formed approximately 4.6£109 years ago, with extensive bombardment by
meteorites until at least 3.8£109 years ago. The atmosphere of early Earth, which was very
different from that of the present day, was lost during this bombardment process. The current
atmosphere formed as the result of degassing from the Earth’s interior. Much of this degassing
occurred (and continues to occur) in volcanic eruptions.

The present-day atmosphere is made up of a few highly concentrated gases (primarily
molecular nitrogen and molecular oxygen) and a large number of trace gases (such as water
vapor, carbon dioxide, and ozone). The atmosphere also contains water in the liquid and
solid states in the form of clouds, as well as aerosols (solid, liquid, or mixed-phase particles
suspended in air). The thermodynamic state of the atmosphere is described by pressure,
density, and temperature, which are related by the equation of state

p = ΩRd T (2.1)

where Rd = 287 J kg°1 K°1 is the gas constant for dry air. This equation is derived from the
equation of state for an ideal gas (see, e.g., derivation in sections 1.6–1.7 of Curry and Webster,
1999), and is based on the observation that air as a mixture behaves like an ideal gas (i.e., that
the motion of air molecules is random and individual molecules interact only rarely). The

1

2.1 1976 U.S. Standard Atmosphere

�



2.2.1 

2.1 100

δZ δA

ρ δA δz g g ~9.81m s−2

2-3km

2.1

H=R dT/g 
2.4 p = ps z

kg m−3

2.1 2.1

�

Figure 2.1: The variation of pressure and density with altitude (data from the 1976 U.S. Stan-
dard Atmosphere).

concentration of water vapor is also an important contributor to the thermodynamic state of
air. We will examine the contributions of water vapor in greater detail in Chapter 2.

2.2.1 PRESSURE AND DENSITY: HYDROSTATIC BALANCE

Figure 2.1 shows the variation of pressure and density with altitude in the lowest 100 km of the
atmosphere. Both quantities decrease exponentially with altitude. Pressure is defined as force
per unit area, and can be thought of as the weight of atmosphere directly above a horizontal
plane divided by the area of that plane. Its vertical variation may therefore be understood in
terms of a balance of forces between the gravitational force (which pulls air toward the center
of the Earth) and the pressure gradient force (which pushes air toward space). Consider a
layer of atmosphere with thickness ±z and cross-sectional area ±A. Assuming no horizontal
variations in pressure, the pressure gradient force across the layer is equal to the vertical
difference in pressure times the cross-sectional area:

∑
p °

µ
d p
d z

∂
±z

∏
±A°p±A =°

µ
d p
d z

∂
±z±A (2.2)

The gravitational force acting on the layer is Ω±A±zg , where g is the gravitational constant
for Earth (ª9.81 m s°2). Setting the two forces equal and cleaning up the terms yields the
hydrostatic balance:

g =° 1
Ω

d p
d z

(2.3)

The hydrostatic balance is only valid when air is not accelerating vertically. The assumption
of hydrostatic balance in the atmosphere is generally reasonable when discussing average
conditions over sufficiently large areas (> 2°3 km in diameter), as upward and downward
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vertical accelerations tend to average out. Vertical accelerations can be large over small areas
or within a storm system. In these cases, hydrostatic balance does not hold.

Using equation 2.1, we can rewrite the hydrostatic balance as

d p
p

=°d z
H

(2.4)

where H = Rd T
g has units of length and is called the scale height of the atmosphere. If we

assume that the temperature is constant (i.e., that the atmosphere is isothermal), then the
scale height is also constant and equation 2.4 can be integrated from the surface (p = ps) to an
arbitrary height z:

p = pse°z/H (2.5)

This relationship shows that pressure decreases exponentially with height from the surface.
Density is defined as the mass of air per unit volume, and is typically expressed in units

of kg m°3. Again assuming an isothermal atmosphere, the relationship between pressure
and density in equation 2.1 indicates that, like pressure, density decreases exponentially with
altitude (as shown in Fig. 2.1).

The hydrostatic balance (equation 2.3) can be rearranged to relate the mass between two
altitudes to the pressure change between those altitudes:

dm ¥ Ωd z =°d p
g

(2.6)

The total mass of the atmosphere per unit area is therefore equal to the pressure difference
between the surface and the top of the atmosphere (d p = ps °0 = ps):

M = ps

g
(2.7)

Substituting M = 10.328£103 kg m°2 and g = 9.81 m s°2, we find a mean surface pressure
of 101325 Pa, where 1 pascal (Pa) = 1 N m°2. Atmospheric pressure is generally expressed in
hectopascals (hPa) or millibars (mb), where 1 hPa = 1 mb = 100 Pa. Other commonly used units
of pressure include bars (1 bar = 105 Pa), atmospheres (1 atm = 1.01325£105 Pa), and torricelli
(1 torr = 133.322 Pa). Ocean pressure may be expressed in bars, decibars (1 dbar = 0.1 bar), or
atmospheres. Torricelli are used in atmospheric chemistry and chemical oceanography.

2.2.2 TEMPERATURE STRUCTURE

Temperature, which is a measure of thermal energy (molecular motion), is typically expressed
using the Kelvin scale (K), although temperatures are often expressed in degrees Celsius
(±C) in meteorology and oceanography. A one Kelvin difference in temperature is equal to
a one degree difference in the Celsius scale, with 0±C = 273.15 K. The temperature 273.15 K
corresponds to the freezing point of pure water (as we shall see, the freezing point of seawater
is slightly colder), while a temperature of 0 K indicates the absolute absence of thermal energy.

Figure 2.2 shows the vertical variation of temperature with altitude in the lowest 100 km
of the atmosphere. Temperature decreases sharply with height in the lowest part of the
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Figure 2.2: The temperature structure of the atmosphere (data from the 1976 U.S. Standard
Atmosphere).

atmosphere, which is called the troposphere. The decrease in temperature with height in the
troposphere can be understood in the context of the simple energy balance models introduced
in section 1.3. Solar radiation warms the surface every day, while the atmosphere is constantly
radiating energy to space. Absorption and re-emission of infrared radiation by greenhouse
gases in the atmosphere reduces the availability of long-wave radiation with altitude, leading
to warmer temperatures at lower levels (more absorption of long-wave radiation from both
above and below) and cooler temperatures at higher levels (consider, e.g., a version of Fig. 1.11
with multiple atmospheric layers).

The temperature change with height is described by the lapse rate:

°=°@T
@z

(2.8)

An increase of temperature with height (°< 0) is called a temperature inversion, while a layer
of zero change in temperature with height (°= 0) is called isothermal. The average lapse rate
in the troposphere is 6.5 K km°1.

The upper boundary of the troposphere is called the tropopause. Fig. 1.11 indicates a shallow
isothermal layer above the tropopause, with a strong increase of temperature with height
(temperature inversion) above. This layer of the atmosphere is called the stratosphere. The
increase of temperature with height in the stratosphere is caused primarily by the absorption
of solar radiation by ozone. The peak temperatures occur at the top of the stratosphere, where
ozone absorbs the shortest (highest energy) ultraviolet wavelengths (see Fig. 1.10). These
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Figure 2.5: Profiles of temperature (left) and salinity (right) in the upper 2000 m of the ocean
averaged for low latitudes (20±S–20±N; red solid), middle latitudes (30°60± in both
hemispheres; black), and high latitudes (poleward of 75±; blue).Data from the World
Ocean Atlas 2009.

and salinity are most pronounced in the upper ocean, particularly in the top 300–500 m.
Interaction with surface winds at the ocean–atmosphere interface leads to the development
of a shallow mixed layer, where temperature and salinity are nearly constant. Temperature
decreases sharply below this mixed layer in the tropics and mid-latitudes. This region of sharp
temperature decrease is called the thermocline, and extends down to approximately 1000 m.
The temperature gradually decreases to approximately 0–3±C below the thermocline, with very
little seasonal variation. No permanent thermocline exists at polar latitudes because the water
temperature is very cold and often covered by sea ice. Furthermore, mean temperatures in
the polar ocean are below 0±C through much of the profile, reflecting the fact that the freezing
temperature of water decreases with increasing salinity.

In contrast to temperature, salinity increases sharply from the surface, with the most pro-
nounced increases at polar and high latitudes. Variations in salinity are an important part of
variations in density at all latitudes, and especially at high latitudes. These variations drive
the deep ocean circulation, which is a critical component of the climate system. Salinity near
the ocean surface varies significantly by latitude, with relatively fresh water at polar latitudes
and relatively saline water in the tropics (particularly in the subtropics). These variations in
surface salinity depend on the fluxes of freshwater at the ocean boundaries, including the
distribution of precipitation and evaporation, input from rivers, and melting ice.

Seawater is approximately 1000 times as dense as air. The boundary between the atmo-
sphere and ocean is therefore very stable. The density of seawater is a function of pressure,
temperature, and salinity, and is typically expressed as a deviation from the density of pure
water at 4±C (1000 kg m°3):

æ(T,P,S) = Ω(T,P,S)°1000 kg m°3 (2.9)

A number of algorithms are available for calculating the density of seawater (see, e.g., the
seawater python module, which we will use later in the course). Many implementations
remove the effect of the pressure profile by using surface pressure as an input instead, resulting
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Figure 2.6: Profiles of ocean density calculated from the profiles of temperature and salinity
shown in Fig. 2.5.

Table 2.2: Composition of standard ocean water with a salinity of 34.7 psu (from Wells, 2012).

constituent ion mass mixing ratio percentage of
in seawater [g kg°1] global salt

Chloride (Cl°) 19.215 54.96%
Sodium (Na+) 10.685 30.58%
Sulphate (SO2°

4 ) 2.693 7.70%
Magnesium (Mg2+) 1.287 3.69%
Calcium (Ca2+) 0.410 1.17%
Potassium (K+) 0.396 1.13%
Bicarbonate (HCO°

3 ) 0.142 0.41%
Bromide (Br°) 0.067 0.19%
Boric acid (H3BO3) 0.026 0.07%

in

æt (T,S) = Ω(T,S)°1000 kg m°3 (2.10)

Figure 2.6 shows profiles of æt calculated based on the mean temperature and salinity
profiles in the three previously defined latitude zones (Fig. 2.5). Ocean density is very similar
and nearly constant below approximately 500 m. The densest surface waters are located near
55–65±N, while the least dense are located in the tropics. Subsidence of surface waters occurs
when surface waters become denser than the water underneath. The subsidence of surface
waters is therefore both more likely and more vigorous in the high mid-latitudes (55–65±),
especially in the North Atlantic, than in the tropics.
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